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SUMMARY

Teleseismic traveltime tomography remains one of the most popular methods for obtain-
ing images of Earth’s upper mantle. However, despite extensive evidence for an elastically
anisotropic mantle, the isotropic assumption remains commonplace in such imaging studies.
This can result in significant model artefacts which in turn may yield misguided inferences
regarding mantle dynamics. The nature of anisotropy-induced apparent velocity anomalies
has been well-documented in P-wave imaging and various strategies have been proposed to
constrain both isotropic and anisotropic heterogeneity from these data. In contrast, few studies
have explored the consequences for shear wave tomography and no practical framework for
the anisotropic inversion of S-wave delays exists. Here, we propose a new method for con-
straining arbitrarily oriented hexagonal anisotropy using both traveltime and splitting intensity
observations from direct S phases. Our approach accounts for polarization and finite-frequency
effects and allows for isotropic starting models. The imaging method is validated through the
tomographic analysis of a realistic synthetic dataset produced from waveform simulations
through a geodynamic model of subduction. Results illustrate that neglecting anisotropy pro-
duces distortions in slab geometry and the appearance of sub- and supraslab low-velocity
zones. Anisotropic inversions remove these artefacts while also constraining geodynamically
relevant fabric properties including dip.

Key words: Composition and structure of the mantle; Seismic anisotropy; Seismic tomog-
raphy; Shear body waves.

1 INTRODUCTION

Constraining the anisotropic structure of Earth’s interior remains
a challenge in seismology and is crucial for understanding mantle
dynamics. By coupling micromechanical deformation models with
petrologic observations (e.g. Nicolas & Christensen 1987; Kaminski
et al. 2004; Boneh et al. 2015; Wenk 2016), geodynamic simula-
tions can yield detailed predictions for the anisotropic elastic struc-
ture of the upper mantle from global (e.g. Becker 2008; Becker
et al. 2008) to local (e.g. Blackman & Kendall 2002; Faccenda
2014) scales. The anisotropic properties record the convective his-
tory of the mantle and the resulting mineral fabrics reflect a number
of important properties including temperature, pressure and devi-
atoric stress conditions, mineral assemblages, presence of partial
melt and volatile content (Karato ef al. 2008; Hansen ef al. 2021).
Moreover, elastic anisotropy strongly effects wave propagation by
causing direction-dependent variations in seismic velocity that are
comparable to those due to thermal or composition changes (An-
derson 2007). Thus, one can study mantle dynamics by exploiting

the anisotropic properties of the seismic wavefield (Simmons et al.
2006; Long & Becker 2010; Wang & Becker 2019; Becker & Lebe-
dev 2021).

Anisotropy has long been considered in surface wave tomography
(Montagner & Nataf 1986; Montagner 2007) revealing large-scale
patterns in mantle flow (e.g. Zhou et al. 2006; Long & Becker 2010;
Becker et al. 2014). Shear wave splitting (SWS) is routinely anal-
ysed to constrain lateral variations in depth-averaged anisotropic
structure at the scale of instrument spacing within an array (Savage
1999; Long & Silver 2009). However, it remains commonplace to
assume an isotropic Earth in body wave tomography particularly
with teleseismic data. This assumption is problematic for a number
of reasons. (i) It is inconsistent with the aforementioned surface
wave and SWS observations which are often derived from seismic
data collected in the same geographic area, if not from the same
array, studied for body wave imaging. This makes meaningful com-
parisons of models and integration of multiple seismic observables
difficult. (i1) Body wave arrivals are strongly affected by anisotropy
(Kendall 1994; Levin et al. 1996; Wu & Lees 1999; Blackman &
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Kendall 2002; Sieminski ef al. 2007) and neglecting this effect on
apparent wave speeds could lead to significant imaging artefacts
as is well-documented for P waves (Sobolev et al. 1999; Menke
2015; Bezada et al. 2016; VanderBeek & Faccenda 2021; Lo Bue
et al. 2022; Rappisi et al. 2022). (iii) Consequently, interpretation
of isotropic velocity models could lead to misguided inferences on
mantle dynamics. (iv) Finally, body waves are particularly useful
for constraining elastic anisotropy owing to their high-frequency
content and diverse directional sampling of the mantle (Beller &
Chevrot 2020). While surface waves are well-suited for constrain-
ing depth-dependent structure, the long periods required for mantle
imaging result in poor lateral resolution. Shear wave splitting stud-
ies primarily focus on core-converted S phases (i.e. XK(K)S) be-
cause their polarization is known and the contribution of source-side
anisotropy is removed after passing though the outer core. However,
their near-vertical incidence angles within the upper mantle result
in poor depth resolution. The horizontal and vertical propagation
paths of surface and XK(K)S waves, respectively, provide poor con-
straints on the dip of anisotropic fabrics (Chevrot & van der Hilst
2003; Romanowicz & Yuan 2012; Mondal & Long 2019) which are
relevant for evaluating geodyanmic predictions. Clearly, extending
the study of anisotropy to a broader range of body wave phases
would resolve these limitations.

Several researchers have investigated strategies for incorporat-
ing hexagonal anisotropy (e.g. Hearn 1996; Eberhart-Phillips &
Henderson 2004; Munzarova et al. 2018; VanderBeek & Faccenda
2021; Wang & Zhao 2021) and, less commonly, lower-order elastic
symmetry (Mochizuki 1995; Grésillaud & Cara 1996; Wu & Lees
1999; Koulakov ef al. 2009; Liu & Zhao 2016) in the inversion
of P-wave traveltimes. Recently, (VanderBeek & Faccenda 2021)
demonstrated the importance of solving for anisotropy, especially
fabric dip, in the construction of teleseismic P-wave models in
subduction environments. However, the consequences of assuming
isotropy in shear wave traveltime tomography is poorly documented
and a practical ray-based framework for the anisotropic inversion
of such data does not exist for passive-source mantle imaging. Here
we address these issues using a realistic synthetic seismic dataset
produced by propagating teleseismic wavefields though an elasti-
cally anisotropic geodynamic model of subduction. After reviewing
prior work on retrieving anisotropy from S waves (Section 2), we
derive approximate analytic expressions for the propagation ve-
locity and splitting intensity of a shear wave travelling through a
hexagonally anisotropic media with arbitrary symmetry axis ori-
entation (Section 3). From these expression, we detail an iterative
linearized inversion strategy for imaging the mean shear veloc-
ity and the strength and 3-D orientation of anisotropy from these
observables (Section 4). Using SPECFEM (Komatitsch & Tromp
1999; Chen & Tromp 2007) generated waveforms, we validate our
new tomography method (Sections 5-7). Our results illustrate that
traditional isotropic S-wave tomography is prone to strong imaging
artefacts when anisotropic fabric is present in the imaging target
but ignored in the structural inversion. By inverting for anisotropic
parameters, our method nearly eliminates these artefacts while also
reconstructing geodynamically relevant anisotropic heterogeneity.

2 BACKGROUND: ANISOTROPIC
IMAGING WITH SHEAR WAVES

To give context to the present work, we briefly summarize previous
efforts at retrieving anisotropic structure from shear waves. The
literature on seismic anisotropy is dense and so we focus this review
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on passive source mantle imaging for which our tomography method
was developed. However, we acknowledge the extensive body of
research pertaining to crustal seismic anisotropy (e.g. Crampin &
Peacock 2008; Crampin & Gao 2009).

Analysis of shear waves for the purpose of constraining man-
tle anisotropy is almost exclusively restricted to the measure-
ment of shear wave splitting parameters. After passing through
an anisotropic medium, a shear wave splits into two orthogonally
polarized quasi-shear phases that propagate at different velocities.
The polarization direction (usually that of the fast-polarized wave-
form) and time separation between the two phases define the split-
ting parameters that provide a measure of the apparent azimuth
and strength of the anisotropic medium. Since the early work of
Ando et al. (1983), Vinnik et al. (1989) and Silver & Chan (1988)
measurement of SWS parameters has emerged as a popular means
of investigating mantle anisotropy, particularly at regional-to-local
scales (Savage 1999; Long & Silver 2009). The method is especially
robust for constraining anisotropy because the birefringence phe-
nomenon is insensitive to isotropic heterogeneity (Chevrot 20006).
However, the observed splitting parameters reflect the accumulated
effect of anisotropy as the wave propagates from source to receiver.
For this reason, phases recorded at steep incidence angles, typically
SK(K)S or intraslab earthquakes beneath nearby seismic arrays, are
studied. In this case, splitting measurements represent a depth in-
tegrated view and lateral variations in anisotropic structure can be
investigated at the scale of the instrument spacing. However, direct
interpretation of such integrated measurements can be complicated
by the presence of vertical heterogeneity (e.g. Silver & Savage
1994; Silver & Long 2011; Romanowicz & Yuan 2012). In such
cases, backazimuthal (or, more precisely, incoming polarization-
dependent) variations in splitting parameters can be used to identify
layered anisotropy as well as dipping fabrics. Although, such anal-
ysis is generally limited to the identification of discrete two-layer
models.

As an alternative to the splitting parameters, Chevrot (2000)
proposed quantifying anisotropy via the splitting intensity which
measures the amplitude of the transverse component waveform
as a function of incoming polarization direction. Splitting inten-
sity measurements follow sinusoidal trends with incoming polar-
ization direction that can be used to identify the strength, az-
imuth and dip of anisotropic fabrics. Unlike the splitting pa-
rameters, splitting intensity is commutative (Chevrot 2000; Sil-
ver & Long 2011) meaning its value does not depend on the
order of anisotropic heterogeneity traversed by the wave. While
the commutativity of splitting intensity implies that it cannot be
used to diagnose layered anisotropy, this property does make it
amenable to linearized inversion methods common in traveltime
tomography.

Ultimately, we wish to constrain a 3-D view of anisotropy. To this
end, there exists a number of tomographic imaging methods for the
inversion of splitting parameters or intensity. Babuska et al. (1993)
and Sileny & Plomerova (1996) used a grid-search approach to find
the orientation of a presumed elastic tensor that best explained P
wave delays and splitting parameters in selected geographic do-
mains. Later, Ryberg et al. (2005) used full-waveform simulations
with direct search methods to invert splitting parameters for the size
and position of azimuthally anisotropic domains in 2-D. Abt & Fis-
cher (2008) developed an iterative linearized inversion for splitting
parameters using local earthquakes in arbitrarily oriented hexago-
nal and orthorhombic anisotropic media. Shear wave splitting was
modelled using a ray based matrix propagation method (Riimpker &
Silver 1998; Fischer ef al. 2000) with a finite difference scheme for
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computing parameter sensitivities. In practice, data limitations re-
stricted the method to primarily recovering azimuthally anisotropic
parameters in hexagonally symmetric media (Abt et al. 2009). To
pose a more linear imaging problem, Zhang et al. (2007) focused
on imaging only the strength of anisotropy while assuming a fixed
symmetry axis orientation.

Inversions based on splitting parameters have a number of disad-
vantages. The non-commutativity of the observations exacerbates
the non-linearity of the imaging problem. Consequently, solutions
obtained from linearized inversions may strongly depend on the
starting model. The splitting parameters themselves cannot be di-
rectly calculated but must be measured from synthetic waveforms.
While a number of methodologies exist for making these measure-
ments (Vecsey et al. 2008; Long & Silver 2009), they can yield
different results (e.g. Long & van der Hilst 2005; Wiistefeld &
Bokelmann 2007; Vecsey et al. 2008) further complicating the to-
mographic analysis. Finally, frequency-dependent scattering effects
cannot easily be approximated and require more expensive wave-
form simulations.

Anisotropic inversions based on splitting intensities largely avoid
these issues. Following the initial conception by Chevrot (2000),
a series of subsequent works laid the foundation for performing
finite-frequency splitting intensity tomography (Favier & Chevrot
2003; Chevrot & van der Hilst 2003; Chevrot et al. 2004; Chevrot
2006; Long & Silver 2008; Chevrot & Monteiller 2009) with focus
on SKS phases in hexagonally symmetric elastic media. Sieminski
et al. (2007) generalized the concept of splitting intensity and trav-
eltime for shear waves propagating in arbitrary anisotropic media.
Through computation of adjoint kernels, they demonstrated that
these observables are generally sensitive to a large number of the
21 elastic coefficients. Perhaps for this reason, we are not aware of
any application of the Sieminski et al. (2007) method to shear wave
tomography.

The major limitation of splitting intensity for imaging anisotropic
structure is the requirement that the delay time between fast- and
slow-polarized waves remains small relative to the dominant period
of the waveform. This requirement is not prohibitively restrictive
for mantle imaging where periods of ~10 s are generally anal-
ysed while delays rarely exceed 2 s. Iterative linearized inversion
schemes are generally parametrized using an anisotropic strength
parameter(s) and the azimuth and, to a lesser extent, the dip of
a hexagonal symmetry axis. Although a perturbation to the split-
ting intensity can be linearly related to the anisotropic perturba-
tions along the ray path or integral over the finite-frequency kernel,
the imaging problem is still non-linear in that parameter sensi-
tivities depend on the current model. Recently, Mondal & Long
(2019) implemented a model space search approach for estimat-
ing 3-D azimuthal hexagonal anisotropy structure. Such methods
are better suited for non-linear minimization but become computa-
tionally expensive for high-dimensional problems. Application of
splitting intensity tomography has largely been restricted to obser-
vations from SK(K)S phases (Monteiller & Chevrot 2011; Lin et al.
2014; Mondal & Long 2020; Confal ef al. 2023). While the finite-
frequency kernels offer some depth sensitivity, the near-vertical
propagation through the imaging target ultimately limits vertical
resolution and offers poor constraints on fabric dip (Chevrot & van
der Hilst 2003; Romanowicz & Yuan 2012). Additionally, splitting
intensity tomography requires good back-azimuthal coverage which
can be difficult to achieve when only SK(K)S phases are considered
(Chevrot 2000).

Despite the attention given to shear wave splitting analysis and
the success of such methods in revealing the widespread anisotropic

nature of the upper mantle (e.g. Savage 1999; Long & Silver 2009;
Long & Becker 2010; Long 2013), tomographic inversion of shear
wave arrivals has almost exclusively been carried out assuming an
isotropic earth. This is likely due to a number of reasons. For ex-
ample, it is unclear how to best measure and predict shear wave
traveltimes when two quasi-shear phases are recorded. Anisotropic
effects are polarization-dependent and polarizations are not rou-
tinely measured in tomographic studies. There is likely some re-
luctance to include more parameters in an already underdetermined
inverse problem. However, this is necessary to understand potential
isotropic—anisotropic structure trade-offs that are relevant for model
interpretation. Additionally, for many imaging targets the isotropic
assumption is difficult to justify as there are often independent ob-
servations supporting the presence of anisotropy (e.g. geodynamic
predictions, mineral physics arguments, tectonic fabrics, shear wave
splitting observations and surface wave anisotropy).

Ray-theoretical expressions for shear velocities in anisotropic
media are well-established (e.g. Chapman & Shearer 1989; Chap-
man & Pratt 1992). However, these assume that both quasi-shear
phases can be identified and their arrival times measured. This
is not generally true due to polarization and frequency-dependent
propagation effects. Consequently, there have been relatively few
attempts at incorporating anisotropy in teleseismic S-wave tomog-
raphy. Some examples include Lloyd & van der Lee (2008) who
explored the potential bias anisotropy could introduce into isotropic
S-wave velocity models. While they argue that anisotropy-induced
artefacts are likely small, they did not consider depth-dependent or
dipping anisotropy and neglected the effect of shear wave polariza-
tion on apparent velocities. Wu & Lees (1999) developed a tensoral
representation for the velocity at which the first arriving S-wave
travels. However, this theoretical S-arrival may not exist depending
on the initial polarization direction and constraining this velocity
surface requires solving for 12 independent variables. Hammond
& Toomey (2003) jointly inverted teleseismic P and S delays with
SKS splitting observations measured across the East Pacific Rise.
By measuring S delay times in the slow polarization directions in-
ferred from SKS splitting parameters, they were able to approximate
shear velocities using the same functional form as for P waves; this
implicitly assumes propagation through a single anisotropic layer.
They constrained the geometry, strength, and orientation of three
2-D anisotropic domains via grid-search combined with linearized
inversions for isotropic heterogeneity carried out for each proposed
anisotropic model. Following a similar measurement strategy, Eilon
et al. (2016) inverted delay times of fast- and slow-polarized tele-
seismic S phases together with splitting times for 3-D variations
in fast- and slow-shear wave velocity beneath the Woodlark Rift.
However, their method requires one to prescribe the orientation
of hexagonal azimuthal anisotropy prior to inversion. Liu & Zhao
(2016) proposed a method to invert both P- and S-wave traveltimes
for azimuthal anisotropic parameters beneath Japan. They assumed
that the directional dependence of shear velocity follows the same
sinusoidal trend as for P waves with an added dependence on the
shear wave polarization. In practice, the polarization of the shear
waves in their dataset were not estimated and instead all were as-
sumed to be radially polarized.

Body wave anisotropy has been considered in adjoint wave-
form tomography. However, imaging is generally restricted to radial
anisotropy parametrizations which explicitly assume a vertical sym-
metry axis (e.g. Fichtner ez al. 2010; Zhu et al. 2017; Rodgers et al.
2022). Recently, Zhu et al. (2020) applied adjoint waveform inver-
sion for azimuthally anisotropic parameters beneath North America.
Owing to the relatively long periods used (>20 s), these models are
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largely constrained by surface waves and P-wave anisotropy was
not considered. Incorporating shorter periods at which body waves
are commonly observed remains a challenge due to computational
costs. However, such data will be important to fully characterize
the anisotropic properties of the Earth. This point was illustrated
by Beller & Chevrot (2020) who demonstrated with synthetic data
the ability of full-waveform inversions (in which both the phase and
amplitude of waveforms are fit) applied to teleseismic P and S wave-
forms (5-20 s period) to recover 21-component elastic tensors in a
regional-scale model. Of course, with imperfect data coverage there
is the potential for large trade-offs between model parameters and
evaluating uncertainty for non-linear waveform inversion method-
ologies remains a challenge due to expensive simulation times. For
this reason, simplified anisotropic imaging strategies with reduced
parameter spaces are beneficial as they allow for greater exploration
of the model space (e.g. Bodin & Sambridge 2009; Mondal & Long
2019).

In summary, anisotropic imaging with shear waves has largely
been restricted to the interpretation and/or inversion of splitting
observations predominantly from XK(K)S phases. However, trav-
eltimes also carry information on anisotropic heterogeneity that
when ignored could manifest as isotropic artefacts in tomographic
models. Prior attempts to include anisotropy in shear wave imaging
generally restricted fabric orientations to the horizontal or verti-
cal plane. Existing methods based on traveltime observations do
not appropriately account for polarization effects and the shear
velocity approximations used may not be applicable for propaga-
tion through anisotropically heterogeneous media. Although FWI
is the most promising tool for high-resolution anisotropic imaging,
its widespread application remains limited by the availability of
computational resources and sufficiently dense high-quality seis-
mic recordings. To address these issues, we develop a teleseismic
shear wave imaging method that leverages both finite-frequency
traveltime and splitting intensity observations to constrain arbitrar-
ily oriented hexagonal anisotropy. Both observables are obtained
following minor modifications to a typical workflow for measur-
ing cross-correlated delay times and accounts for incoming S-wave
polarization. To describe hexagonal anisotropy with an arbitrary
symmetry axis requires seven parameters (five elastic coefficients
and two orientation parameters). However, we can accurately predict
S-wave observables with just four variables that constrain the mean
shear velocity, anisotropic strength, and symmetry axis orienta-
tion. Our tomographic method is tested using SPECFEM simulated
waveforms propagated through a geodynamic model of subduction.
Thus, our synthetic dataset is independent of assumptions in our
imaging algorithm.

3 SHEAR WAVE OBSERVABLES IN
ANISOTROPIC MEDIA

We derive expressions for two scalar observables which we term
the principal delay and principal splitting intensity for a shear wave
with arbitrary propagation and polarization directions traversing
a heterogeneous anisotropic medium with hexagonal symmetry.
We show that these quantities are linearly related to the general-
ized shear wave delay and splitting intensity defined by Sieminski
et al. (2007). Both observables can be integrated along the seis-
mic ray path and we provide an approximation to account for
finite-frequency effects. We conclude with a discussion on the
practical limitations of these observables for anisotropic S-wave
imaging.
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3.1 Derivation of principal traveltime and splitting
intensity

We consider a linearly polarized shear wave entering an anisotropic
medium. Following Silver & Chan (1991), we model shear wave
splitting by projecting a waveform onto the two quasi-shear wave
polarization directions, ¢S and ¢S”, and time shifting these compo-
nents according to their velocities. In a coordinate system defined
such that X, parallels the incoming S-wave polarization direction and
X; parallels the propagation direction (Fig. 1a), the split waveform
is given by,

U(w) = R'TTRUy(w)X, (1)

where Up(w) is the incoming shear waveform in the frequency
domain with angular frequency w; the superscript ‘T’ denotes the
matrix transpose. The matrix R rotates x,; ,-coordinates to the ¢S'-
and ¢gS"-polarization directions and is defined as,
— |: COS(I/// - C) Sin(llj/ - C)i| (2)
—sin(y’ —¢) cos(¥’ — )|’
where 1’ and ¢ are the ¢S and initial polarization azimuths, respec-
tively, measured from the Q-channel in the ray-normal QT-plane
(Fig. 1a). The splitting operator, I', applies the time delays A7 and
At to the ¢S'- and ¢S”-aligned waveforms,

r— |:exp(—ia)At’) 0 ]

0 exp(—iwAt") 3)

Two assumptions are implicit in eq. (1). (i) It neglects phase shifts
due to interactions with the free surface which is justified consid-
ering the shallow incidence angles of teleseismic ray paths (Evens
1984). (i1) Deviations in polarization from the ray-normal QT-plane
are neglected which is justified when considering weakly anisotropic
media. No assumptions regarding the anisotropic symmetry system
have yet been made.

Provided that A¢ and A¢” are small with respect to @ such that
the first-order Taylor expansion, exp ( — iwAfr) ~ 1 — iwAl, is
valid, then eqs (1)—(3) yield the following expression for the split
waveform components,

Uj(w) ~ (1 — iw[Af' cos*(B) + At sin*(B)]) Ug(w) 4)
and
Us(w) ~ %sin(Zﬁ)[At” — At'lioUy(w), (5)

where B has been substituted for ¢ — ¢. It is clear from eq. (4),
that U, is simply U, subject to the delay,

At = At" + (At — At") cos*(B). (6)

Eq. (5) predicts that the energy scattered to the x,-direction is the
scaled time-derivative of Uj. Following Chevrot (2000), the scaling
factor is referred to as the splitting intensity,

As = %(Az” — A?')sin(2). (7)

Egs (6) and 7 define the principal anisotropic delay and principal
splitting intensity referred to at the beginning of this section. Here
‘principal’ is referring to the fact that these observables are defined
in a coordinate system aligned with the the principal components of
S-wave propagation and displacement. These quantities are linearly
related to the generalized delay time (o,) and splitting intensity (o)
presented by Sieminski ef al. (2007) who derived these observables
from the S, and S, components of an isotropic reference waveform
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Figure 1. Coordinate systems and parameters used to model shear wave anisotropy. (a) The ray-aligned (QTL) and polarization-aligned (x1, 2, 3) coordinate
systems. The red arrow depicts the S-wave ray path (L-axis). The solid pink bar labelled x; shows the incoming shear wave polarization direction, ¢, in the
ray-normal QT-plane (grey shaded region); x, (dashed pink line) is orthogonal to x; and x3. The solid and dashed green lines show the ¢S and ¢S” quasi-shear
wave polarization directions, respectively. Note that ¢S’ parallels the projection of the symmetry axis (Fig. 1b) into the QT-plane and is defined by the azimuth
¥’. (b) The S-wave ray path (red arrow) is shown in relation to the orientation of the anisotropic symmetry axis (green bar). The ray and symmetry axis
azimuths (¢ and ) and elevations (0 and y) are measured in a right-handed coordinate system.

perturbed by an anisotropic scatterer. From Sieminski et al. (2007),
we may define,

0 = %(At/ + At")cos(2¢) + (A" — At") cos(2y) ®
and
05 = %(At/ + At")sin(27) + (Ar" — At")sin2y"). (€))

Itis clear that (At, As) and (o,, 0,) are related via the transformation,
At |cos(2¢) sin(2¢) || o; (10)
As | | sin(2¢) —cos(2¢) || o |

While eqs (6) and (7) were derived for a single anisotropic inter-
val, the extension to multiple layers is straight forward. Provided that
the splitting intensity remains small such that the S-wave remains
approximately linearly polarized in the direction ¢, the anisotropic

observables may be integrated along the ray path. For a path com-
posed of M-segments these are defined,

M

t = ZdL/ [u;/ + (u;- - u;’) cosz(ﬂj)] (11)
=1

and
1 M

s=3 > dL] —u))sin(2B)). (12)

Jj=1

where dL; is the length and u/; and ; are the slowness values (i.e.
inverse of velocity) of the ¢S'- and ¢S”-polarized waves through
the jth ray path segment. Because the splitting intensity depends
only on the difference between u” and «/, it’s largely insensitive to
changes in the isotropic shear wave speed.

We want to relate ' and u” to the anisotropic properties of
the medium. The elastic properties of Earth’s mantle are well-
approximated by a weakly anisotropic tensor with hexagonal sym-
metry (e.g. Becker e al. 2006). Following Thomsen (1986), the
velocity of ¢S”- and ¢S'-polarized waves in such a media are well-
described by the following sinusoidal functions,

W =u[l+ f" cosa)]” (13)
and
u'= u((ll%;)) [1+ /" cos(4a] . (14)

where u is the mean slowness; /" and f” are the anisotropic fractions
that define the amplitude of the directional velocity variations of
the ¢S'- and ¢S”-polarized waves and can be positive or negative
depending on the particular cause of anisotropy in the medium; and
« is the angle between the seismic ray and the hexagonal symmetry
axis (Fig. 1b). Strictly speaking, « should be the phase rather than
the ray angle with respect to the symmetry axis. However, these
are approximately equivalent in anisotropic media characterized by
weak (10 per cent) directional velocity variations. The relation-
ships between u, /” and f to the original Thomsen parameters are
provided in Appendix A.

The angle « is related to the dot-product between the ray and
symmetry axis unit vectors,

cos(a) = [cos(¢p — ) cos(8) cos(y) + sin(f) sin(y)] . (15)

where ¢ and 6 are the azimuth and elevation of the ray path and
Y and y are the azimuth and elevation of the hexagonal symmetry
axis (Fig. 1b). Recognizing that the ¢S -polarization, ', parallels
the projection of the anisotropic symmetry axis into the ray-normal
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QT-plane (Fig. 1b), the angle B may be defined as,

—sin(¢ — ) cos(y)
cos(¢ — ) sin(f) cos(y) — cos(9) sin(y)

Eqgs (11)—(16) provide a framework for predicting traveltimes and
splitting intensities through a heterogeneous and weakly anisotropic
media with hexagonal symmetry. Calculation of these observables
depends on the spherical parameters describing the ray path (d/, ¢,
0) and five parameters to describe shear wave hexagonal anisotropy

(u3f/7.f” ’l//’ y)'

p = arctan |: ] —¢. (16)

3.2 Approximating finite-frequency effects

Eqgs (11) and (12) define ray-theoretical observables. However,
teleseismic imaging studies often rely on traveltimes derived
from cross-correlations of band-limited waveforms resulting in
frequency-dependent measurements (Marquering er al. 1999;
Dahlen et al. 2000). It is possible to derive explicit finite-frequency
sensitivity kernels for 7 and s following previous studies (e.g. Dahlen
et al. 2000; Chevrot 2006; Calvet et al. 2006; Mondal & Long
2019) or analytically using adjoint methods (e.g. Sieminski et al.
2007). However, this is beyond the scope of the present work. In-
stead, to account for finite-frequency effects, we apply the so-called
anisotropic heuristic finite-frequency kernels (HFFKs) discussed in
VanderBeek & Faccenda (2021). These are constructed by assum-
ing the Born sensitivity kernels developed by Dahlen ez al. (2000)
for isotropic scatterers can be extended to anisotropic models by
simply making the slowness at the scatterer a function of the ray
orientation, polarization direction, and the five parameters u, /', /",
Y and y. In effect, we are neglecting the influence of mode con-
versions as well as the mid- and near-field contributions to kernel
structure (Favier ef al. 2004). Under this assumption, the anisotropic
finite-frequency traveltime is,

M
t=T4 ) K [+ () — ) cos’(B)) — 1] a7

j=1

where 7 is the traveltime through a reference isotropic model defined
by i ;; K; is the sensitivity of the Born slowness kernel at the jth node.
Considering that the splitting intensity is the difference between the
traveltimes of the ¢S’ and ¢S” waveforms scaled by sin (28)/2, our
assumption regarding the treatment of anisotropic scatterers leads
to the finite-frequency splitting intensity equation,

1 M
s = EZK,- (] — ') sin(2B;) (18)
j=1

To simplify the computation of Kj, we use the following approxi-
mation for the kernel’s cross-sectional shape within the first Fresnel
zone proposed by Schmandt & Humphreys (2010) and neglect the
rapidly diminishing sensitivity outside this region,

Kb . xﬁ
nR%(x,.) sin (71 R%(Xr)) , (19)

where x, and x,, are coordinates measured in the ray-parallel and ray

K(x,,x,) =

normal directions, respectively, with x, = 0 located at the source; Ry

is the radius of the first Fresnel zone; and K is a dimensionless scalar
chosen such that the integral of the slowness kernel is equivalent to
the ray-theoretical sensitivity (i.e. the ray length; Hung et al. 2000).
For a direct teleseismic phase, a reasonable approximation for Ry is
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Figure 2. Isotropic structure, array geometry and distribution of teleseismic
sources considered in this study. (a) Seismic stations (black triangles) are
uniformly spaced 75 km apart and plotted over isotropic velocity heterogene-
ity in the true model at 150 km depth. Inset shows location of teleseismic
sources (stars) relative to the experiment centre. Sources are located at dis-
tances of 50° and 80° and evenly distributed in backazimuth. An east—west
cross-section through the centre of the true isotropic model at 0°N is shown
in (b). Note that the isotropic structure is symmetric about 0°N. Red square
and circle identify stations shown in Figs 5(a),(c) and (b),(d), respectively.

given by,
Tx,(L —x,)]"?
M} , 20)

Rytoer) = [ Li(x,)

where T is the dominant period and L is the total length of the ray
path. Fig. 3 of VanderBeek & Faccenda (2021) shows a compari-
son between the Born sensitivity kernel and the HFFK. Given these
approximations (eqs 19 and 20), this kernel implementation is ef-
fectively a form of Fresnel volume tomography (Vasco et al. 1995;
Zelt & Chen 2016) intended to impose physically based smoothing
criteria on the solution and provide a framework for the inversion
of multifrequency observables at reduced computational expense.
Although not intended to reproduce the accuracy of the full Born
kernels, VanderBeek & Faccenda (2021) demonstrated that the HF-
FKs can improve traveltime predictions for teleseismic P waves
in both isotropic and anisotropic models compared to ray theory.
In Section 5.2, we demonstrate the same is true for the principal
S-wave observables.
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Figure 3. Cross-section through the true anisotropic model. Hexagonal symmetry axis vectors are plotted over the peak-to-peak magnitude of S-wave anisotropy
(i.e. 2f") at (a) 150 km and (b) 350 km depth. East-west cross-section are shown at (¢) 0°N and (d) 4°30°S. Symmetry axis vectors are scaled by the anisotropic
magnitude and projected onto the cross-section plane. Note that the anisotropic structure is symmetric about 0°N.

3.3 Limitations

An important limitation of the proposed shear wave observables is
that they are only applicable when the integrated splitting intensity
at any point along the ray path is small relative to the period of the
wave. The validity of this approximations was investigated in detail
by Chevrot et al. (2004) using spectral element modelling. They
found that provided 7/|At" — At'| Z 27/ V2 eqs (4)(7) are valid.
In Appendix B, we describe a number of simple tests performed
to evaluate the accuracy of eqs (6) and (7) as a function of the
strength of anisotropy and deviations from linear polarization. For
these tests, vertically travelling synthetic waveforms are modelled
using a matrix propagation method (eqs 1-3; Riimpker & Silver
1998) applied to layered anisotropic models. Ray-theoretical delay
times and splitting intensities were computed via the integration
of eqs (6)—(7) through the layered models and compared to those
measured on the simulated waveforms. Specifically, we explored
how the accuracy of these expressions varies in response to (i)
the strength of shear wave splitting (Figs B1 and B2), (ii) layered
anisotropic heterogeneity (Figs B3 and B4) and (iii) elliptical shear
wave polarizations (Figs B5-B7). Consistent with Chevrot et al.
(2004), these results demonstrate that the prediction errors remain
small (approximately one order of magnitude less than the mea-
sured observable) provided that 7/|A¢” — A¢'|Z5. Furthermore, the
equations are applicable even when the incoming shear wave ex-
hibits elliptical particle motion provided the principal displacement

direction can be estimated; see Appendix B for details. Note that
these tests do not consider finite-frequency kernels or wave propa-
gation in 3-D heterogeneous media. The accuracy of our modelling
strategy in response to such effects is discussed in Section 5.2 where
we compare predicted shear wave observables to those measured on
SPECFEM generated waveforms.

We do not expect that requiring 7/|A¢” — A¢'|Z5 will prohibit the
general application of shear wave observables to teleseismic imag-
ing. The global analysis of SKS splitting parameters by Walpole
et al. (2014) found the average delay time between fast- and slow-
polarized waveforms is 1.65 4 0.62 s (+ standard deviation). Be-
cause SKS waves reflect the integrated anisotropic structure of the
upper mantle (Sieminski e al. 2007), we may expect similar split-
ting times for direct S-phases. Thus, the principal anisotropic delay
and splitting intensity equations are likely applicable to periods Z8 s
which corresponds to the mid- to lower- end of the period range com-
monly considered for teleseismic S-wave tomography. Furthermore,
if the upper mantle is dominated by horizontally aligned symmetry
axes, as predicted by plate-driven flow, then shear wave splitting
should be weaker for direct S-phases because their propagation di-
rections would align more closely with the fabric orientations (i.e.
smaller angle «). Consequently, the difference between ¢S and
qS” velocities would be reduced. The more laterally propagating
S-phase is also likely to sample a greater diversity of anisotropic
fabrics relative to the SKS phase which will generally result in a
reduced splitting effect (Riimpker & Silver 1998).
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4 ANISOTROPIC INVERSION METHOD

In Section 3, we related shear wave traveltimes and splitting inten-
sities to anisotropic variables describing a hexagonally symmetric
elastic medium. Here we describe an iterative inversion strategy to
recover the 3-D distribution of these anisotropic parameters from
the shear wave observables. We use an iterative Gauss—Newton
approach to solve for the perturbations to a starting model that min-
imize a least-squares objective function of the form (e.g. Tarantola
& Valette 1982; Aster et al. 2005),

x =r(m, Am)’ C;'r(m, Am) + > Am” C' Am + 2 (LAm)" (LAm) (21)

where r is a (N x 1) vector of data residuals which is a non-linear
function of the starting model, m, and the (M x 1) cumulative model
perturbation vector, Am; C, is the (N x N) data covariance matrix
which we assume to be diagonal and composed of the squared data
uncertainties; C,, is the (M x M) model covariance matrix; L is
an (M x M) matrix that defines the finite difference 3-D Laplacian
operator that constrains Am to be spatially smooth; lastly © and
A are Lagrangian multipliers that limit the size and roughness of
the model perturbation vector. The last two terms in eq. (21) are
required to regularize the otherwise under-determined and ill-posed
inverse problem.

Rather than solve for perturbations to the four spherical
anisotropy terms (f, f/, ¥ and y) or the anisotropy vector (e.g.
Chevrot 2006; Chevrot & Monteiller 2009; Wang & Zhao 2021),
we parametrize the inversion following VanderBeek & Faccenda
(2021) using the mean slowness (u) and the three anisotropic vari-
ables,

A =|"|cos’(y) cos(2y) (22)
B = || cos’(y)sin2y) (23)
¢ = 1/ [sin(y) (24)

The perturbation vector then consists of four sets of parameters,
Am = [Au; AA; AB; AC], that are discretized in space. To limit
the number of free parameters, we take advantage of the strong
linear correlation between f and /7 (e.g. Becker et al. 2006). From
the results of our micromechanical fabric modelling (Section 5), we
use the ratio /”/f = —4.75. Expressions for «”, ' and 8 as functions
of 4, B and C are provided in Appendix A. In this parametrization,
the sign of /” is lost and must be defined based on prior knowledge
of the imaging target. A positive anisotropic fraction corresponds to
materials with a seismically fast symmetry axis (e.g. olivine A-Type
fabrics) while a negative sign implies a seismically slow symmetry
axis (e.g. aligned fractures).

Although solving for these ABC parameters still poses a non-
linear inverse problem, we have found that this parametrization
provides stable solutions for isotropic starting models. This is be-
cause the traveltime or splitting intensity partial derivatives that
direct the inversion are generally non-zero valued with respect to
A and B even where the model is isotropic. This allows for the
simultaneous determination of Au and an azimuthally anisotropic
model defined by AA and AB. This initial solution provides an
adequate starting point for subsequent iterations that update the
fabric dip via adjustments to AC (VanderBeek & Faccenda 2021).
In comparison, differentiating the shear wave observables with re-
spect to the spherical anisotropy parameters yields null sensitivity to
Y and y where the model is isotropic. Consequently, the inversion
can fail to converge to the correct solution if the symmetry axis
orientations in the starting model are not sufficiently close to the
true orientations (Munzarova et al. 2018). Alternatively, one could
parametrize anisotropy using the components of the symmetry axis
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vector (e.g. Chevrot 2006; Chevrot & Monteiller 2009; Wang &
Zhao 2021). However, this too results in null first-order sensitivity
to anisotropy for isotropic starting models and multistage inversion
schemes, accurate anisotropic starting models, or more computa-
tionally expensive solvers that exploit second-order derivatives are
required to retrieve robust solutions.

To minimize eq. (21), we use the LSQR algorithm (Paige &
Saunders 1982) to iteratively solve the following system of equa-
tions linearized about the current model,

C;l/zJ C;l/zrl
MMC;I/Z _/'Luc;l/zAmlfl
M(lc—l/Z 0
a ém; = , 25
1Dy ! — oDy Amy_y @3
AL, 0
9 T 0

where 6m; = [§u;; 6A;; §B; 6C/] are the incremental parameter
changes to be determined at the /th-iteration and Am, _ are the
cumulative model perturbations from the previous / — 1 iterations.
The (N x M) matrix J is the data Jacobian. Explicit formula for the
elements of J are provided in Appendix A. The model covariance
and Laplacian matrices in eq. (21) have been separated into the
rows that constrain the norm and smoothness of the mean slowness
(C,, L,) and anisotropic parameters (C,, L,) and are weighted by
the isotropic (4, A,) and anisotropic (4, A,) Lagrangian multipli-
ers. The right-hand side vector is defined such that the cumulative
slowness perturbations are minimized on each iteration while the
incremental perturbations are minimized for the anisotropic param-
eters (i.e. zero-valued right-hand side) at each iteration. This is by
design. Because the data are non-linear functions of 4, B and C,
the anisotropic perturbations may not converge when the solution is
restricted to making small linearized steps from the starting values.
This is not an issue for the mean slowness as the data are linear in
u for a fixed ray geometry. To prevent the solution from favouring
anisotropic over isotropic perturbations as the iterations progress,
we minimize the cumulative perturbations to f” through the intro-
duction of the sparse (M x M) matrix D, obtained by differentiating
Af]” |, with respect to AA;_;, AB;_ and AC,_; see Appendix C
for details. Because the anisotropic imaging problem is non-linear,
the partial derivatives and regularization coefficients in eq. (25) are
re-evaluated at each iteration based on the updated model and a new
incremental perturbation vector is determined. Iterations proceed
until the reduction in residual variance with respect to the precedent
solution is no longer significant at the 95 per cent confidence level
as determined by an F-test. For the anisotropic inversions performed
in this study, convergence is reached within four iterations.

In addition to solving for the four anisotropic parameters de-
scribed above, J is further augmented to include event static terms
for traveltimes and splitting intensity. These effectively demean the
observation residuals associated with a given event and are intended
to remove the influence of structure outside the imaging volume
where ray paths converge resulting in poor data coverage (Aki et al.
1977; Lévéque & Masson 1999; Masson & Romanowicz 2017).
Note that such event demeaning applied to teleseismic traveltimes
is equally applicable to splitting intensity. Because event statics
are overdetermined, no regularization is applied. The inversion of
demeaned data provides information only on relative changes in
seismic velocity (Aki et al. 1977; Lévéque & Masson 1999; Mas-
son & Romanowicz 2017). The consequences of this for resolving
anisotropic structure is detailed by VanderBeek & Faccenda (2021).
In general, provided the model is sufficiently well-sampled and is
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anisotropically heterogeneous, then anisotropic fabrics are accu-
rately recovered. Potential biases resulting from demeaning can be
investigated through specific resolution tests.

5 SYNTHETIC TOMOGRAPHY
EXPERIMENT: TARGET MODEL AND
SEISMIC DATA

To test our anisotropic shear wave tomography method, we use
the synthetic waveform data sets created by VanderBeek & Fac-
cenda (2021) and briefly summarize their key features below. The
teleseismic wavefield is modelled using the spectral element code
SPECFEM 3D (Komatitsch & Tromp 1999; Chen & Tromp 2007)
with the AXiSEM grid-injection technique (Nissen-Meyer et al.
2014; Monteiller ef al. 2013, 2015, 2021). Outside the subduction
zone model, 3-D wave propagation through a spherically symmetric
Earth is solved using the AxiSEM software (Nissen-Meyer et al.
2014) with isotropic elastic properties defined by the IASP91 ref-
erence model (Kennett & Engdahl 1991). The displacements and
tractions of the incoming teleseismic wavefield are stored on the
boundaries of the 3-D subduction zone mesh and wave propagation
is continued via the SPECFEM 3D solver; see Monteiller et al.
(2013, 2015, 2021) for further details. Three-component seismo-
grams are recorded by an array of 770 receivers equally spaced
75 km apart (Fig. 2a) yielding a station density comparable to the
USAurray. In total 16 double-couple sources are modelled; 8 at a
range of 50° and another 8 at 80° equally distributed in backaz-
imuth (Fig. 2a). The dominant period of the waveforms is 15 s and
all S waves have an initial polarization angle of ¢ = 60°. Impor-
tantly, the shear wave observables derived from this data set are
completely independent of our tomography method.

The anisotropic elastic model used in computing the waveforms
is the result of a geodynamic simulation of a slab (1000-km-long
half-width) subducting freely in response to its negative buoyancy.
Fully anisotropic elastic tensors are predicted via micromechan-
ical modelling of polymineralic aggregates advected through the
simulated mantle flow field (see Kaminski et al. 2004; Faccenda
& Capitanio 2013; Faccenda 2014); resolution of anisotropic elas-
tic model is 10 km. Parameters controlling the fabric development
were calibrated based on high-strain laboratory experiments (Boneh
et al. 2015). The tensors are subsequently simplified by extract-
ing the dominant hexagonally symmetric component following the
method of Browaeys & Chevrot (2004). In summary, each elastic
tensor is rotated into the appropriate symmetry Cartesian coordi-
nate system (SCCS) identified from the eigenvectors of the 3x3
Voigt stiffness tensor. Next, the hexagonal approximation of the
tensor is obtained from a series of orthogonal projections. Finally,
the resulting hexagonal tensor is rotated back to the geodynamic
model coordinates by reversing the rotation into the SCCS. This
simplification was made to maintain focus on the accuracy of the
imaging methodology specifically designed to approximate hexag-
onal anisotropy. A second waveform data set was created using only
the isotropic component of the elastic tensors.

The isotropic component of the synthetic subduction zone is
shown in Fig. 2 and contains only one significant anomaly—the seis-
mically fast slab. The anisotropic component of the synthetic model
is shown in Fig. 3 and contains five significant imaging targets
that provide insight into the structure and dynamics of the sub-
duction zone. (i) Throughout the upper 300 km, toroidal mantle
flow generates a circular pattern in the symmetry axis orientations
around the slab edges (Fig. 3a). (ii) At greater depths beneath the

incoming plate there is a region of trench-parallel anisotropy re-
flecting pressure-driven flow from slab roll-back (Fig. 3b). (iii)
Surrounding the subducting lithosphere, flow entrainment pro-
duces anisotropic symmetry axes that follow the trajectory of
the descending plate (Figs 3c and d). (iv) The subducting litho-
sphere also contains frozen-in anisotropic fabrics characterized by
~4 per cent S-wave speed variations oriented east—west. (v) Mantle
circulation within the wedge generates a corner-flow type pattern
in anisotropy near the mid-plate that evolves towards the edges
(Figs 3c and d).

5.1 Measurement of principal shear wave observables

Our tomographic method requires that S-wave traveltimes are mea-
sured in the direction of polarization which is not a coordinate
system routinely considered in the analysis of body wave delays.
If an appropriate reference waveform is known a priori, then the
generalized shear wave observables may be measured using the
cross-correlations defined by Sieminski ef al. (2007) and trans-
formed into the principal observables following eq. (10). However,
such a reference is generally not known and we outline a mea-
surement strategy that relies only on the observed waveforms to
generate data suitable for our imaging method. We assume seis-
mograms are initially processed to remove instrument responses,
filtered (here we use a second-order band-pass filter with corners at
15 and 40 s), and rotated into ray-aligned QTL-coordinates (Fig. 1a).
For a given event, we then measure the principal traveltimes in four
steps:

(1) Relative traveltime delays on the transverse channel are mea-
sured with respect to a reference radial Earth velocity model using
the multichannel cross-correlation method of VanDecar & Crosson
(1990).

(i1) The aligned waveforms from Step 1 are stacked to provide an
estimate of the incoming shear wave. The arrival time of the stacked
waveform is picked and combined with the relative delays to yield
traveltime measurements (e.g. Lou ef al. 2013).

(iii) The principal polarization direction is measured via eigen-
decomposition of the trace covariance matrix (e.g. Flinn 1965)
computed using the stacked three-component waveform from Step
2. In computing the trace covariance, a full period of the wave-
form is used (15 s in this study). The polarization angle, ¢, is
estimated as the azimuth of the eigenvector with the largest mag-
nitude eigenvalue. This angle is stored for each event and used
in the forward modelling of principal traveltimes and splitting
intensities.

(iv) Seismograms are rotated about the L-axis into the principal
polarization direction and the principal delay times are measured
via cross-correlation of the waveforms on the x;-channel (Fig. 1a).
According to eq. (4), these waveforms should be well-correlated as
they reflect time shifted versions of the initial shear wave. A new
pick on the stacked x;-component waveform is made to yield the
traveltimes.

These steps are illustrated in Fig. 4.
Once the waveforms are aligned on the x;-channel, the principal
splitting intensity is readily computed following Chevrot (2000),

o = Wi
g2
1]

. (26)

where d; ; is the time-derivative of the x;-component and w;; is the
x,-component of the waveform observed at the ith-station for the
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Figure 4. Illustration of multichannel cross-correlation (MCC) analysis. (a) Alignment of transverse component waveforms based on IASP91 traveltime
predictions (t1D). The source is located 80° from the centre of the array at a backazimuth of 90°; thin coloured lines are the seismograms recorded at each
receiver position in Fig. 2. (b) Waveform alignment after several iterations of MCC; A#(7) in the x-axis title refers to the delay times measured on the transverse
channel. (c) Stacked three-component seismogram in TQL coordinates after transverse channel alignment. (d) Stacked three-component seismogram after
rotation into the principal coordinate system. (e) Alignment of S waves observed in principal direction (S;-component; Fig. 1) using the transverse component
delays; waveforms observed in this orientation are no longer aligned due to seismic anisotropy. (f) Re-alignment of waveforms following MCC measurement
of Sj-component delays, A#(S1). Vertical lines in all panels define the window used in the cross-correlation and polarization analyses. Trace amplitudes are

normalized by the RMS amplitude in the window.

Jjth event. We compute s;; in a 15 s (one period) window beginning
at the S-wave onset. Note that the sign change in our eq. (26) with
respect to eq. (7) of Chevrot (2000) is due to our definition of a
positive delay as corresponding to a later arrival; the scaling factor
of 2 has also been removed such that the principal splitting intensity
varies between +0.5(A¢” — Ar’) in accordance with our eq. (7).

Examples of split shear waves produced from our SPECFEM
waveform simulations are shown in Figs 5(a) and (b) for stations
on the incoming plate and above the mantle wedge. As predicted by
eqs (4) and (5), the x; -component waveform is a time-shifted version
of the equivalent isotropic trace and the x,-component is consistent
with the time-derivative of the x, -signal. Examples of single-station
splitting intensity measurements (computed via eq. 29) as a function
of polarization-azimuth are plotted for these stations in Figs 5(c)
and (d). On the incoming plate where the anisotropic signal is dom-
inated by a shallow layer of horizontal east—west oriented fabrics
(Fig. 5¢), the splitting intensity follows a clear sin (2¢) trend. Be-
neath the wedge where 3-D anisotropic heterogeneity is stronger
both laterally and vertically, the splitting intensity signal is more
complex and generally weaker (Fig. 5d) as the diversity of fabrics
tends to destructively interfere.

5.2 Error estimates in measured and predicted shear wave
observables

To appropriately assess the fit of the tomographic models recovered
from the synthetic data sets, we must know the error in our mea-
sured shear observables and the accuracy to which we can predict
them using the methods in Section 3. We first evaluate the error

inherent to our synthetic data set introduced by our measurement
procedure. To estimate these errors, we measure delay times and
splitting intensities as outlined in Section 5.1 of shear waves propa-
gated through the 1-D velocity model IASP91 (Kennett & Engdahl
1991) using the same source—receiver geometry as for the subduc-
tion zone model. In this case, all measured delay times and splitting
intensities should be zero. However, we measure a RMS delay of
100 ms for shear waves observed on the transverse channel and
188 ms for those measured in the estimated principal polarization
direction. The RMS splitting intensity measured is 157 ms suggest-
ing that only a minor amount of apparent splitting may be generated
due to interactions with velocity interfaces or our measurement
procedure.

We attribute the increased RMS delay of the polarization-aligned
measurements to waveform distortions caused by mode conver-
sions. These errors are comparable to the time step used in the
SPECFEM simulations (100 ms) but larger than the accuracy
of TauP calculations for direct body wave traveltimes (~50 ms;
Crotwell et al. 1999). Relative phase arrival times measured from
SPECFEM seismograms may differ slightly arising from differ-
ences in the discretization of the IASP91 model. Additionally, delays
are measured using the array-based multichannel cross-correlation
method of VanDecar & Crosson (1990) rather than cross-correlating
with a reference waveform computed for every station. While minor,
changes in the waveform across the array can yield an inconsistent
set of delays for station pairs from which the best-fitting relative
delay times are determined.

Next we assess the accuracy of our forward modelling procedure
and the HFFK approximation by comparing data predicted through
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Figure 5. Effect of anisotropy on shear waveforms with examples of single-station splitting intensity measurements and predictions. Shear waveforms
propagated through the anisotropic (blue = xj-component; red = x;-component) and purely isotropic (solid black = xj-component; dashed black = x;-
component) subduction zone models are shown for stations located (a) on the incoming plate and (b) above the mantle wedge; see Fig. 2 for locations. Time
of 0 s corresponds to the arrival of the isotropic S wave. Splitting intensity measurements (black points) and predictions (red points) for the station located
(c) on the incoming plate and (d) above the mantle wedge are plotted as a function of the S-wave polarization direction for events located 80° from the centre
of the array. For reference, the best-fitting sinusoidal curve composed of the first two azimuthal harmonics is plotted. Red arrows in (c) and (d) indicate the
splitting intensity measurements obtained from the waveforms in (a) and (b), respectively. Vertical bars represent the measurement standard error from eq. (B1)

of Chevrot (2000).

the true anisotropic tomography model to the shear wave observ-
ables measured from SPECFEM generated waveforms. The RMS
error between the measured and predicted ray-theoretical travel-
times is 527 ms. This error is reduced to 330 ms when traveltimes
are computed using our HFFK approximation. The HFFKs offer
a less drastic improvement in the prediction of splitting intensities
yielding an RMS error of 278 ms compared to 291 ms for ray-theory.
While appreciable, these errors are far below the signal in the shear-
wave observables considering the RMS delay time with respect to
TIASP91 (Kennett & Engdahl 1991) is 1,211 ms and the RMS split-
ting intensity is 600 ms. Additionally, these errors are small with
respect to the accuracy of modern teleseismic shear wave velocity
models which generally yield S delay time residuals with an RMS
>400 ms. Estimated standard errors for splitting intensity measure-
ments from high-quality SKS recordings are ~250 ms (Monteiller
& Chevrot 2010).

In regards to the origin of the errors in our forward modelling
approach, they are not the result of anomalously strong anisotropy
as all measured splitting intensities are <2.5 s and thus satisfy the
criteria 7/|| A" — Ar'|Z5. Rather, they arise from inaccuracies in
our simplified approximation to the far-field Born kernels (Sec-
tion 3.2). Chevrot et al. (2004) demonstrated that the true far-field
kernels predict splitting intensities to within 5 per cent of values
measured from full-waveform synthetics. They also found that ge-
ometrical ray-theory increasingly overpredicts the anisotropic ef-
fect of anomalies with spatial scales <0.75x the Fresnel width

(~200 km for thistudy). Furthermore, when significant anisotropy
exists within 2-wavelengths of the station, neglecting mid- and near-
field contributions of the Green’s tensor can introduce errors up to
20 per cent (Favier et al. 2004). This is indeed the case for the
synthetic subduction zone model in which 5 per cent shear wave
anisotropy extends to 40 km depth and the seismic wavelength
is ~60 km. Considering that the accuracy of our kernel imple-
mentation falls somewhere between geometrical ray theory and the
far-field Born kernels, our error estimates of ~300 ms are not sur-
prising. The general consequence of such inaccuracies is poorer spa-
tial resolution and an underestimation of anisotropic magnitudes.
To verify that such errors do not introduce significant artefacts,
we performed an anisotropic inversion of self-consistent data—
synthetic delay times and splitting intensities predicted using our
forward modelling approximation rather than from full-waveform
simulations. In this way, the predicted observables are exact. The
results (Figs S1-S2) are nearly identical to those obtained from
SPECFEM generated observables (presented in Section 7) high-
lighting that data coverage is the primary factor limiting model
recovery.

We continue with our kernel approximation but do not attempt to
fit the observations beyond the their accuracy. Despite our simpli-
fications, the results in Section 7 demonstrate that geodynamically
significant anisotropic features of the subduction zone model are
constrained. A more accurate treatment of observable sensitivity
will only serve to improve our imaging strategy.
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6 SELECTION OF INVERSION
PARAMETERS

Solving eq. (25) requires a number of user-defined inputs. Specifi-
cally, the starting model, spatial discretization of inversion param-
eters, and uncertainties in the data and model parameters must be
defined. Optimal Lagrangian multipliers that balance data fit against
the model norm and roughness must also be identified. Here we de-
tail the selection of these parameters for our synthetic inversions.

6.1 Starting model and parameter discretization

The calculation of shear wave observables is performed using a
regular grid with uniform 10 km spacing between nodes. Each
node is defined by the five anisotropic variables u, f, f”, ¥ and y.
This vector-valued field defines the forward model m. The model is
centred at 0°N, 0°E and spans 2000 km in the x-direction, 3000 km in
the y-direction and 700 km in depth. To account for Earth’s curvature
in our Cartesian model geometry, an Earth-flattening transform is
applied to the seismic velocities and model depths (Miiller 1971).
For all inversions, the starting model is isotropic and defined by the
1-D far-field velocity profile taken from the geodynamic simulation
which closely resembles IASP91 (Kennett & Engdahl 1991) but
without a crustal layer. We use the TauP toolkit (Crotwell et al.
1999) to predict ray paths using the initial 1-D velocity profile.
In this study, the use of 1-D rays is justified given the relatively
long period of the waveforms and the magnitude and dimensions
of both isotropic and anisotropic heterogeneity. Finite-frequency
traveltimes through 3-D velocity models are computed following
eq. (17) where 7 is the TauP predicted traveltime through the starting
model slowness profile ii. Frequency-dependent splitting intensities
are computed from eq. (18).

We solve for perturbations to the mean slowness (Au) and the
three anisotropic parameters (AA, AB and AC) on a regular grid
with uniform 50 km spacing. Together, these parameters make up
the perturbational model Am. To restrict the number of free param-
eters, we limit perturbations to 4, B and C to the upper 500 km where
anisotropy is strongest in our geodynamic model. This choice has a
minor effect on the recovered model and acts primarily to limit verti-
cal smearing of anisotropic structure (e.g. VanderBeek & Faccenda
2021). Event static terms for the traveltime and splitting intensity
observations are included in the inversion. These act to demean
the observations and, in real-world application, effectively remove
any signal coming from structure outside the imaging volume (e.g.
Aki et al. 1977; Lévéque & Masson 1999; Masson & Romanowicz
2017).

6.2 Regularization parameters

We assume a diagonal data covariance matrix, C,, where all ele-
ments are 0.3% s> based on our traveltime and splitting intensity
error estimates discussed in Section 5.2. Defining the matrix C,
that controls the solution damping assumes one has knowledge of
the parameter covariances. This is rarely the case and these matrices
are generally assumed to be diagonal with coefficients correspond-
ing to an estimate of individual squared parameter uncertainties.
However, these too are poorly defined and trade-off directly with
the Lagrangian multipliers (1,, ,) and parameter discretization (finer
discretizations will generally require weaker damping to accommo-
date a proportionally larger perturbational vector norm). Rather than
a priori define C,,, we use a Levenberg—Marquardt style damping
such that the diagonal of C,,! is given by the mean of the squared

Anisotropic Shear Wave Tomography 2651
X110 ' ' |
Qo
12 0-8 EJ"_._ .
Q7 UAB
Qe UABC
o
X
0 4 8 12 16 20

ldnVI2 + 1df"I2

Figure 6. Selected trade-off curves for determining damping weights
(Mu, «)- The normalized data variance ( x2=r" C;lr/N ) is plotted against
the squared norm of the relative isotropic (dIn¥) and anisotropic (df”) per-
turbations. Trade-off curves are plotted for inversions in which we solved
for purely isotropic (Uj; dotted line), azimuthally anisotropic (UAB; dashed
line), and all four anisotropic (UABC; solid line) parameters. The damp-
ing weights (i, 4) corresponding to each solution are indicated on the
isotropic L-curve. The smoothing weights for all inversions are defined such
that A, 4/ttu, « = 10. Isotropic and anisotropic perturbations were equally
damped (14, = 1tq). The preferred solutions are indicated in red and all
correspond to i1, o = 2. Red line at x% = 1 is the ideal data variance given
the estimated data uncertainty.

parameter sensitivities (i.e. squared row norm of J; Mor¢ 1978). The
mean-squared sensitivity is evaluated separately over each parame-
ter set (Au, AA, AB and AC) which renders the inverse problem
scale-invariant. This is beneficial when, as in our case, the param-
eters have different expected magnitudes. The diagonal elements
of C /2 are also weighted by #/u; where # is the mean slowness
in the model. This prevents biasing the solution towards models
with stronger fractional velocity perturbations at greater depths
(i.e. higher-velocity/lower-slowness regions; Toomey et al. 1994).
The diagonal elements C,,'/? are also used to weight the rows of
L,, and D;. In this way, all regularization equations have compara-
ble influence on the objective function prior to the selection of the
user-defined %, , and p,, , weights.

Appropriate Lagrangian multipliers were selected via the con-
struction of L-curves (e.g. Aster et al. 2005) in which the
data variance (r’C;'r/N) is plotted against the model variance
(Am”C,' Am/M). Solutions near the corner of the L-curve are
considered ideal as a further increase in model complexity (i.e. in-
creased model variance) does not substantially improve the data
prediction while simpler models rapidly increase the residual norm.
To identify an appropriate ratio of X,-to-u,, we follow the same
strategy outlined by VanderBeek & Faccenda (2021). First, we con-
structed several L-curves from isotropic inversions using fixed ratios
of A,/1u, and systematically varied p,. From this analysis, we found
M/, = 10 provides reasonably smooth solutions without compro-
mising data fit. Within the set of isotropic inversions corresponding
to A/, = 10, we found u, = 2 corresponds to the corner of the
L-curve (Fig. 6). Not wanting to favour isotropic over anisotropic
perturbations, we equally damp both parameter sets by setting u, =
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W, (the magnitudes of these weights are directly comparable due to
the way in which C;,'/? was defined) and adopt the same smoothing-
to-damping ratios of A/, = A,/ = 10. After performing a series
of anisotropic inversions across different u, values, we found that
Wy = g = 2 provides optimal solutions (Fig. 6).

7 TOMOGRAPHIC RESULTS

In the following sections, we present a series of tomographic models
constructed under different imaging assumptions. First, we consider
purely isotropic inversions to evaluate the nature of anisotropy-
induced artefacts. Next, we present azimuthally anisotropic solu-
tions followed by inversions that include dipping fabrics.

7.1 Isotropic solutions

We begin by evaluating the ideal recovery of isotropic anomalies by
inverting traveltimes derived from waveforms propagated through
the isotropic subduction zone model. We refer to this model as the
Iso-U solution (Figs 7a, b and 8a—c) it illustrates the resolution of
the slab anomaly subject to our forward-modelling approximations,
imperfect data coverage, and inversion regularization but without
complications from anisotropy. The geometry of the descending
plate is accurately recovered albeit with a reduced magnitude and
spatial smoothing expected given the imaging constraints. Due to
the relative nature of the traveltime residuals, some low-velocity
artefacts appear around the fast-slab anomaly. However, the magni-
tude of these artefacts is generally weak (<1 per cent) and spatially
distributed throughout the mantle surrounding the descending plate.

A number of isotropic imaging artefacts emerge when anisotropic
heterogeneity is present in the target model but neglected in the
imaging. The tomographic model recovered from inverting S-wave
traveltimes measured on the transverse component of waveforms
propagated through the anisotropic subduction zone (Aniso-U solu-
tion) is shown in Figs 7(c), (d) and 8(d)—(f). There is a localization
and increase in magnitude of low-velocity artefacts, particularly
around the slab edges (Figs 7c and d). In cross-section (Figs 8d—f),
sub- and supraslab low-velocity anomalies are present and exhibit
along strike changes in geometry and intensity. We also find a gen-
eral increase in the magnitude of the slab high-velocity anomaly
and the geometry of the descending plate is poorly recovered along
the central portion of the subduction zone (Fig. 8e).

The increase in anomaly magnitudes in the Aniso-U relative to
the Iso-U solution reflects the mapping of anisotropic heterogeneity
into isotropic perturbations. In particular, the steeply dipping fabrics
within and around the descending plate act to increase the appar-
ent velocity of the mantle in this region. This relative increase in
velocity is further exaggerated by the presence of more horizontal
symmetry axes in the subslab region which reduce the propaga-
tion velocity of shear waves travelling at high incidence angles.
The dependence of the S-wave velocity on both the ray propaga-
tion direction and the incoming polarization direction results in an
asymmetric distribution of artefacts about 0°N despite the symme-
try present in the geodynamic model and uniform back-azimuthal
distribution of events.

7.2 Anisotropic solutions

It is clear from Section 7.1 that neglecting anisotropy in teleseismic
shear wave imaging can lead to significant artefacts in the recovered
tomographic model. Now we evaluate the ability of our anisotropic

imaging method to discern isotropic from anisotropic heterogeneity
and yield more accurate images of the upper mantle. First, we
consider an azimuthally anisotropic solution (Aniso-UAB) in which
the symmetry axes are confined to the horizontal plane by only
solving for perturbations to u, 4 and B. We find that the magnitude
of low-velocity artefacts present in the Aniso-U solution are reduced
in the Aniso-UAB model (Figs 7e, f and 8g—i). However, significant
velocity reductions are still imaged in the subslab region in the
southern half of the synthetic study area. We also find that the
geometry of the slab is better reconstructed along the central portion
of the subduction zone when azimuthal anisotropy is included in the
inversion.

Recovery of the true isotropic structure continues to improve
when symmetry axis dip is included in the inversions via the C
parameter. This Aniso-UABC solution is shown in Figs 7(g), (h) and
8(j)—(1) and is very similar to the Iso-U solution which represents
the best-case recovery of isotropic heterogeneity. The magnitude of
spurious low-velocity zones are further decreased and the magnitude
of the slab anomaly is more uniform in the Aniso-UABC model.
These improvements in isotropic recovery are clearly illustrated in
Fig. S3 in which differences in velocity anomalies between the Iso-
U and the Aniso-U, Aniso-UAB, and Aniso-UABC solutions are
plotted.

In addition to improving the recovery of isotropic heterogeneity,
the Aniso-UAB and Aniso-UABC solutions accurately image many
of the anisotropic features present in the target model. Both the
azimuthally anisotropic model (Figs 9a and b) and the inversion
including dip (Figs 9c and d) image well the toroidal flow pattern
present throughout the mantle wedge but the Aniso-UABC solu-
tion better recovers this structure at depths below ~300 km. In the
Aniso-UAB model, anisotropic fabrics are poorly recovered where
the true symmetry axes are steeply dipping (Figs 10a—c). In contrast,
the Aniso-UABC model accurately images such regions. In partic-
ular, the increased anisotropic strength and steeply dipping fabrics
associated with the descending plate are clear in the Aniso-UABC
solution (Figs 10d—f). Along strike changes in anisotropic hetero-
geneity within the mantle wedge (Figs 3¢ and d) are also evident
in the Aniso-UABC solution (Figs 10d—f). Through the centre of
the subduction zone, the transition from a thick region of entrained
mantle flow to more horizontal fabrics in the shallow mantle wedge
is recovered. The thick block of steeply dipping fabrics near 0°N
thins towards the ends of the subducting plate becoming more local-
ized to the slab. Both solutions poorly image anisotropic structure
within and beneath the incoming plate. While the shallow trench-
normal fabrics are visible in the tomographic models (Fig. 9), the
magnitude is underestimated and no deeper trench-parallel fabrics
are present. This is not surprising considering that the anisotropic
traveltime and splitting intensity signals will tend towards zero for
teleseismic paths traversing two overlying anisotropic regions with
orthogonal fabrics. Finally, we note that the Aniso-UAB and Aniso-
UABC solutions were constrained by both relative traveltimes and
splitting intensities. We also performed inversions using only trav-
eltimes and found that these data were sufficient to constrain the
anisotropic parameters. In practice, splitting intensity data may be
important for distinguishing between isotropic and anisotropic het-
erogeneity when sampling of the medium is more biased since
these data are generally insensitive to changes in isotropic velocity
(Chevrot 2006).

To illustrate the influence of our finite-frequency kernel approx-
imation, we present a ray-theoretical solution of the Aniso-UABC
inversion in Figs S4 and S5. As expected, ray theory further under-
estimates the magnitude of anomalies. This is particularly evident in

€202 1200190 0Z UO J8Sn OLIE)IUNWOD & 8[_UOIZEUIS)UI ‘001|qgnd onuip 1p ojuswiuediq -eAoped Ip 1pnis 116ap ensieaiun Aq 042682.2/685Pebb/16/S601 01 /10p/a[01e-aoueApe;iB/woo dno-oiwspese//:sdiy wWo.ll papeojumod



Anisotropic Shear Wave Tomography 2653
[ Aniso-U_| [ Aniso-UAB | [ Aniso-UABC |
8 -4 0 4 g -8 -4 0 4 8 -8 4 0 4 & -8 4 0 4 8
12°

12°

—-_— e e S s ..
- . e e . .
.
N

& &
12 f1|(a) (c) (e) (9) 12"
) § 4 0 4 8 & 4 0 4 38 o 8 4 0 4 8 ] 8 4 0 4 8
2 350 km " 350 k| ! -" -' 12
N Il 1 1 I,
ol | . Il I .
o | Il I I,
o | Il I l.
o | Il I l.
2 1[B) i) 10 Hin L

dinVs (%)

Figure 7. Comparison of recovered isotropic heterogeneity. The isotropic inversion of relative traveltimes generated by the isotropic subduction zone model
(Iso-U) is shown in (a, b). The remaining panels (c-h) show the inversion of relative traveltimes generated by the anisotropic subduction zone model. (c, d)
The Aniso-U solution solved only for isotropic (1) parameters. (e, f) The Aniso-UAB solution solved for # and the azimuthally anisotropic A, B parameters.
(g, h) The Aniso-UABC solution included fabric dip (i.e. simultaneous inversion for u, A4, B and C parameters). Solutions are plotted at 150 km (top row) and
350 km (bottom row) depth. The target fast slab anomaly is the same for all inversions and is outlined in black.

the anisotropy field (Fig. S5). However, the geometry of the recov-
ered anomalies is similar between the models. Improving resolution
requires leveraging multifrequency observables.

8 DISCUSSION

8.1 Comparison of tomographic models

Our synthetic tomographic inversions demonstrate that account-
ing for anisotropy in teleseismic S-wave imaging is crucial for
accurately recovering isotropic heterogeneity and adequately fit-
ting delay times and splitting intensity observations. This is clearly
illustrated in Fig. 11 where the normalized data residual is plot-
ted against the normalized difference between the isotropic per-
turbations recovered in the Iso-U solution with those recovered in
the Aniso-U, Aniso-UAB and Aniso-UABC solutions. As a more
complete description of anisotropy is included in the tomography,
the data fit and isotropic perturbations converge towards the Iso-U

model. While the Aniso-UAB and Aniso-UABC solutions similarly
fit the data and yield similar isotropic perturbations, including fabric
dip further reduces the magnitude of subslab low-velocity artefacts
(Figs 8 and S3). Better fitting solutions are expected as the number
of free parameters in the inversion increases. However, improved
data variance reduction in the Aniso-UAB and Aniso-UABC so-
lutions cannot only be attributed to increased model complexity.
As shown in Fig. 6, the norm of fractional perturbations to seis-
mic velocity, due to both changes in mean slowness and anisotropy,
are comparable across all solutions. Thus, the better fitting Aniso-
UAB and Aniso-UABC models do not simply reflect a larger model
perturbation vector norm.

As is common in damped tomographic inversions, the magni-
tude of both isotropic and anisotropic heterogeneity is generally
underestimated. All models reconstruct the slab anomaly to within
50-75 per cent of its full amplitude. Both the Aniso-UAB and
Aniso-UABC solutions underestimate f” on average by 0.5 per cent
(Figs 12a and b). This under-recovery may be influenced by a num-
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Figure 8. Comparison of recovered isotropic heterogeneity. West-to-East cross-sections are show at —4.5° (left-hand column), 0°N (centre column), and 4.5°
(right-hand column). The (a—c) Iso-U, (d—f) Aniso-U, (g—i) Aniso-UAB and (j-1) Aniso-UABC solutions are plotted in each row; see Fig. 7 caption and text for
description of differences between models. The target fast slab anomaly is the same for all inversions and is outlined in black.

ber of factors in addition to regularization effects. (i) The lim-
ited sampling of incidence angles by the teleseismic waves does
not fully capture the extent of directional velocity variations lead-
ing to weaker anisotropic magnitude estimates that can trade-off
with mean velocity. (ii) The vertically integrated effect of depth-
dependent anisotropic fabrics generally produces a weaker appar-
ent anisotropic signal (e.g. Appendix B; Riimpker & Silver 1998)
that when combined with the poor depth resolution of teleseis-
mic data results in a weaker estimate of the anisotropic magnitude.
(ii1) Inaccuracies in our kernel approximation may limit anisotropic
magnitude recovery (Chevrot et al. 2004; Favier et al. 2004).

We find that upper mantle anisotropy fabric orientations are more
accurately imaged when symmetry axis dip is included in the inver-
sion (Figs 12c—f). The Aniso-UABC model constrains symmetry
axis orientations with a weighted mean error in ¥ and y of 15° and
12°, respectively. In comparison, the weighted mean error is 17° for
Y and 20° for y in the Aniso-UAB model. The means are weighted

g/ where f;" and g; are the recovered and true anisotropic
magnitudes at the kth parameter. This weighting is used because
angular differences become irrelevant as the anisotropic magnitude
approaches zero. These errors are generally less than the differences
between mantle azimuthal anisotropy constrained by SWS and sur-
face waves and that predicted from mantle convection models (e.g.
Conrad et al. 2007; Becker et al. 2014; Zhou et al. 2018). There-
fore, body wave-constrained anisotropic fabrics may provide useful
constraints for geodynamic models of mantle convection.

It is instructive to compare our anisotropic S-wave tomography
to the anisotropic P-wave tomography of (VanderBeek & Faccenda
2021) who used the same synthetic data set and inversion methodol-
ogy. Two major differences are apparent. (i) Shear waves appear less
sensitive to fabric dip compared to P waves. This was also noted
by Beller & Chevrot (2020) and is evident from the modest im-
provement in data fit moving from our Aniso-UAB to Aniso-UABC
solutions (Fig. 11). Slab recovery and reduction in low-velocity arte-
facts are also reduced in azimuthally anisotropic inversions. This is
in contrast to the P-wave tomography in which solving for fabric
dip was key to adequately fitting the delay times and removing erro-
neous low-velocity zones. (ii) Shear waves better constrain shallow
anisotropic heterogeneity. At steep incidence angles, the anisotropic
signal in P wave delays is reduced. The opposite is generally true
for S waves provided that the symmetry axes are not at large an-
gles to the plane of S-wave polarization. Both this study and that of
VanderBeek & Faccenda (2021) consider a relatively narrow range
of teleseismic source distances (50° and 80°) which limits the sam-
pling of incidence angles. This adversely affects both the recovery
of anisotropic fabrics—which requires good directional coverage—
and the spatial resolution of the tomographic model by allowing for
greater trade-off among parameters. Directional sampling can be
improved simply through a joint analysis of teleseismic P and §
wave observables as they sample orthogonal planes of the same
anisotropic fabric. Further improvements in anisotropic model con-
struction can come from the inclusion of steeply propagating XKS
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Figure 9. Recovered anisotropic heterogeneity from (a, b) the Aniso-UAB solution and (c, d) the Aniso-UABC solution are shown at 150 km (top row)
and 350 km (bottom row) depth. Quivers depict the anisotropy symmetry axes scaled by /” and projected into the cross-section plane. Colour illustrates the
peak-to-peak anisotropic magnitude (2/”). White contour outlines the position of the subducting plate.

phases as well as more horizontal travelling local and regional seis-
mic phases.

8.2 Implications for the interpretation of seismic images

Our results have significant implications for the interpretation of
tomographic models. Although upper mantle low-velocity anoma-
lies are ubiquitous in P and S tomographic images, anisotropy is
rarely considered in velocity model construction. When anisotropy
is considered in imaging, it is often subject to simplifying assump-
tions regarding the orientation of the symmetry axes. Bezada et al.
(2016) and VanderBeek & Faccenda (2021) clearly demonstrated
that low-velocity artefacts emerge in isotropic P-wave tomography
due to realistic anisotropic fabrics produced by subduction zone
flow fields. Importantly, these studies show that anisotropy-induced

artefacts persist even when azimuthal anisotropic inversions are per-
formed and cannot easily be corrected for using SKS splitting obser-
vations (O’Driscoll et al. 2011; Bezada et al. 2016; Mohanty et al.
2016; Confal et al. 2020). Our results confirm that such artefacts
can also be expected in isotropic shear wave velocity models. For
the particular imaging geometry considered here, dipping fabrics
associated with the descending plate act to increase the propaga-
tion speeds of both teleseismic P and S waves while subhorizontal
fabrics beneath the incoming plate and within the mantle wedge
have the opposite effect. This results in a similar distribution of
artefacts in isotropic tomography of these different seismic phases.
The subslab low-velocity zone in our Aniso-U solution tends to be
stronger at greater depths where the model is less well-constrained
due to limited ray crossing. The appearance of consistent anoma-
lies between independent data sets could mislead researchers as to
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Figure 10. East-west cross-section showing the anisotropic structure recovered in the (a—c) Aniso-UAB and (d—f) Aniso-UABC solution. Cross-section are
located at 4.5° (top row), 0°N (middle row) and —4.5° (bottom row). Quivers depict the anisotropy symmetry axes scaled by /” and projected into the
cross-section plane. Colour illustrates the peak-to-peak anisotropic magnitude (2/”). White contour outlines the position of the subducting plate.
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Figure 11. Comparison of isotropic model recovery. The normalized data
variance (x2 = r’ Cd’lr/ N) is plotted against the normalized model fit de-
fined by ||dIn}/ — dIn V,.[|3/||dInV,||2, where dInV is the recovered fractional
velocity perturbations and dInV; is a reference fractional velocity pertur-
bation model chosen here to be the Iso-U solution. As a more complete
description of anisotropy is included in the inversion, the data variance and
isotropic heterogeneity approach the Iso-U solution.

the robustness and physical origin of such features. It is important
to note that the exact nature of anisotropy-induced artefacts will
depend on the array geometry and the distribution of sources and

their polarization. The uniform station spacing and backazimuthal
coverage considered in the present study likely acts to minimize
artefacts relative to a more biased data distribution. As quantitative
comparisons and integration of tomographic images becomes more
routine (e.g. Shephard et al. 2017; Hosseini et al. 2018; Golos et al.
2020; Marignier et al. 2020), it will be important to understand how
anisotropy could generate discrepancies among models.

Recent studies on the geodynamic significance of subslab low-
velocity zones (SSLVZs) in subduction environments (e.g. Fan &
Zhao 2021) is one example where neglecting anisotropy may have
significant implications for isotropic model interpretation. In the
Andean (Portner et al. 2017; Rodriguez et al. 2021) and Casca-
dia (Hawley et al. 2016; Bodmer et al. 2018) subduction zones,
such low-velocity features have been variously attributed to en-
trainment of hotspot material, decompression melting, and return
flow along the base of the subducting plate. Buoyancy forces in-
ferred from these local velocity reductions are hypothesized to in-
fluence megathrust behaviour (Bodmer et al. 2018; Fan & Zhao
2021) and the topographic evolution of the forearc (Bodmer et al.
2020). An alternative explanation may be that such features are
simply a consequence of assuming an isotropic earth in a truly
anisotropic setting. This explanation is supported by the preva-
lence of anisotropy-induced low-velocity artefacts present in our
synthetic tests as well as those of Bezada et al. (2016) and Van-
derBeek & Faccenda (2021). However, we note that the SSLVZs
in Figs 8(d)—(f) and in the P-wave study of VanderBeek & Fac-
cenda (2021) occur 300 km depth while those found in real
data sets generally occur $300 km. This may reflect differences
in array geometries, source distributions, the frequency content of
waveforms analysed, subjective choices in the regularization of the
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Figure 12. Anisotropy errors in the (top row) Aniso-UAB and (bottom row) Aniso-UABC solutions. Error distributions are shown for the (a, b) anisotropic
fraction (f”), (c, d) symmetry axis azimuth (/) and (e, f) symmetry axis elevation (y). The location of the 25-, 50- and 75-percentiles for the errors in v and y

are annotated and shaded.

tomographic inversions and, of course, the true nature of hetero-
geneity sampled. Ultimately, improving our understanding of sub-
duction zone structure, and the nature of SSLVZs in particular, will
require the application of both isotropic and anisotropic imaging
techniques.

9 CONCLUSIONS

Using synthetic seismic data generated from a geodynamic model of
subduction, we have demonstrated that neglecting elastic anisotropy
in teleseismic shear wave imaging can introduce significant imaging
artefacts. Specifically, anisotropic fabrics produced by the subduc-
tion zone flow field can yield substantial sub- and supraslab low
velocity anomalies when an isotropic Earth is assumed. Such fea-
tures could result in misguided interpretations regarding the physi-
cal properties and dynamics of the mantle. To reduce such artefacts,
we have described and applied an anisotropic imaging method to
resolve arbitrarily oriented hexagonal anisotropy from observations
of relative shear wave traveltimes and splitting intensities. Not only
does the new imaging methodology improve the recovery of true
isotropic heterogeneity, it is able to accurately capture 3-D varia-
tions in the strength and orientation of anisotropic fabrics. Such
constraints provide insights into mantle deformation processes and
are valuable for constraining geodynamic models.
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APPENDIX A: ANISOTROPY
PARAMETRIZATIONS

A1 Relationship to Thomsen parameters

Thomsen (1986) gives approximate phase velocities for Sv and Sh
waves in a vertical transversely isotropic (VTI) media. The expres-
sions are valid for hexagonal symmetry with arbitrary symmetry
axis orientations and we may write eq. (16) of Thomsen (1986)
using the more general notation,

2

v = Br [1 + ng(er - ST)sinz(Gph)cosz(Gph)] , (A1)
T

and

UH = :BT [1 + Yr Sinz(eph)] s (Az)

where V' corresponds to the phase velocity of the shear wave polar-
ized in the plane containing the symmetry axis and v” is the phase
velocity of the orthogonally polarized shear wave; 6, is the angle
between the wavefront normal and the hexagonal symmetry axis
(i.e. the phase angle). The Thomsen parameters («7, B7, €7, ¥ r and
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87) are related to the coefficients of a hexagonally symmetric elastic
tensor,

C
ar = | =2, (A3)
0
C.
Br=|—=, (A4)
o
Cll - C33
= —) A5
€r 2Css (AS)
Ces — Cus
= — A6
Yr 2Cus (A6)
and
C Cu)? — (C33 — Cua)?
5 — (Ci3 + Cag)” — (C33 44) (A7)

2C33(C33 — Cya)

Expanding the cos*(0,,) and sin?(6,,) terms in eqs (A1) and (A2)
as functions of cos (26,,,) and cos (40,,) yields,

V=7 [1 +f cos(49ph)] , (A)
and
vV =v 1+ f"cos(20,)]. (A9)

where the mean velocities (v', v) and anisotropic fractions (7, /")
are the following combinations of the Thomsen parameters,

o oF (€7 — dr)
v = fBr [HET]’ (A10)
v:ﬂr[l—i—%], (A11)
. ogler —ér)
I'= 862 + a(er —87) (&12)
and
17 Yr
=1 Al3
Q+yr) (A13)

Given that v(0,;, = 0) = V/(8,, = 0), we can substitute v' = v(1 +
)/ + f7) into eq. (A9) removing the dependence on 7,
s A+ '
vV =v——"=114 f'cos(46,)| -
(1 + ] f/) [ P ]

In this way, only three parameters (v, /' and f’) are required to
characterize shear wave anisotropy instead of the five Thomsen
parameters.

(Al14)

A2 Parametrization using A, B and C terms

Before presenting the qS-wave velocity equations and their deriva-
tives using the 4ABC parametrization, it’s useful to define the re-
lationships that convert between ABC, vectoral (n;, ny, n3) and
spherical (', ¥, v) representations of the anisotropic strength and
symmetry axis; see Table Al. These will be used in the following
derivations when convenient to simplify the equations.

To derive explicit expressions for the slowness partial derivatives
with respect to the u, 4, B and C parameters (eqs A23 and A24),
we first define the quasi-shear wave velocities as a function of these
variables. Expanding cos (2«) and cos (4«) terms in eqs (13) and
(14) into functions of cos () and noting that cos («) is equivalent
to the dot product between the ray (f) and symmetry axis (i =

n/+/| f”]) unit vectors yields

vV =v[l+2/"(F -0 — f7] (A15)
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Table Al. Relationships between the ABC, vectoral and spherical
parametrizations of anisotropic strength and orientation. In equations in-
volving A4, B, and C terms we use G for v/ 4% + B2. Under the ABC
parametrization, the symmetry axes n and —n are equivalent. For this reason,
the expressions for n1(4, B, C) and n2(4, B, C) contain the ‘£ 5’ symbol
which take the sign of n ;. The appropriate signs can always be recovered
from the 4ABC parametrization by first converting to spherical parameter
and then vectoral parameter. The sign of /7 is lost in the ABC and vectoral
parametrization hence the ‘+’ symbol in the expressions for /.

ABC Sy ni, na, n3

A |/ |cos 2(y )cos (2v7) n? —n}

B ||cos 2(y)sin (2v) 2n\ny

c I Tsin(y) m

Vectoral o,y A, B, C

n V117 cos(y) cos(v) +1/(G+4)/2

n V1" cos(y) sin(yr) +2/(G —4)/2

n3 VI1/"Isin(y) C

Spherical ni, ny, n3 A,B, C

7 + (n} +n3 +n3) +G+ )

v arctany [na/n] 0.5 arctany [B/A]

y arctany | n3/ n% + n%] arctany [C/\FG}

and

/ (1 + f”) 1en aNG ren AN2 /

V=v———+F|1+8f(r-n) —8f(r-n)” + R Al6

T L H8/E B = 8fE A7 + 1] (A16)

To keep the velocity equations compact and make the derivation
of the partial derivatives more tractable, we will introduce several
intermediate terms. Given the relationships in Table Al and sub-
stituting X = 2| /”|(f - fi)?, eqs (A15) and (A16) may be written
as,

Vi=v[l+(X-G-CY)] (A17)
and
1+ (G+C?) X2
l=yv—— | 14h(2 —4X+G+C*)],
v Ulﬂ:h(G—l—Cz)[ <G+C2 Ho )]
(A18)

where & = f/f" is selected based on prior knowledge of the imaging
target and assumed constant. The sign of the anisotropic fraction, /7,
has been factored out resulting in the & sign which must be chosen
a priori given the expected origin of anisotropy (e.g. olivine or
fracture alignment). Finally, we have introduced the G term defined
as,

172

G = (4’ + B?) (A19)

Using the definitions in Table A1, the dot product in X = 2| f”|(F -
fi)? can be expanded and written as a function of 4, B and C,

X=4 (r]2 — rzz) +2Brir + G (rl2 + r22) + 2\[2CYr3 + 2C2r32,
(A20)

where

Y = 4+(G + )Y?r £, (G — 4)r,. (A21)

By design, the ABC-parametrization cannot distinguish between n
and —n resulting in the sign ambiguity represented by =+, , which
takes the sign of the n; , components of the symmetry axis vector.
However, these sign ambiguities will be resolved when deriving
the partial derivatives—the only calculations for which eqs (A17)—
(A21) are used.
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A3 Anisotropic slowness partial derivatives

The elements of the Jacobian, J, in eq. (25) are computed by dif-
ferentiating the residual vector r with respect to the current model.
The model m used to predict the observations and the perturba-
tion model Am defining the resolution of the solution need not be
defined on the same grid in which case the Jacobian elements are
given by the linear mapping,

or;
Ju= ) wipo— (A22)

where wy is the linear interpolation weight between the jth-model
and kth-perturbational node (e.g. Toomey ez al. 1994). Fromeqs (17)
and (18), the partial derivatives, dr;/dm;, for the traveltime and
splitting intensity are,

a1, u’l u', du”l
=K; [ Thi (7] - 371) cos’(B)) = 36; (u; —uf) Sin(zﬁf)]

am; am; om; j om;

(A23)
and
O Ki [0 Gnagy) +2 , 2 A24
om, _7[<3m,- — 5 )sm( B+ —(u — u';) cos( ,B/]. ( )

Note that replacing K; with the ray segment length AL; yields the
ray-theoretical partlals

The slowness partial derivatives in eqs (A23) and (A24) are con-
structed via the chain rule,

au// 8u// 8v// av//

— — " -2 A25
aom ov” dm om @) ( )
and
ou’ ou’ v’ o’

g _ oy _ % e, (A26)
aom dv’ dm am

From eqs (A26)—(A25) and (A17)—(A18), the u” and u' partial
derivatives are,

au// u//

ou - w’ 2
” 72
aiu, B~ q:(”u) (ai),(B - ai,GB>’ "
?;tc _ jF(u;)z (% B zc) ’ (A29)
E;z; _ u; (A30)
B -2 v )
+(<1+1f~>Wlﬁf’))%} (A3
and
aem - aim) C} (32

In the above expressions, substitutions from Table Al for terms
involving X, G, A, B and C were made where convenient. The
partial derivatives for the intermediate variable G (eq. A19) are,

G A

- _ 2 A33
1 = s = cos20), (A33)
and
e b in2y) (A34)
_— = ——— = SN .
oB / A2 + B2

For the Y variable (eq. A21) the partial derivatives are,

0 _ 0G4 (GGAD) T costh) —rasin(y)]
a4~ ' 2JG+ 4 WG4 o 2 eos(y)
(A35)
and
9Y  (0G/3B) (9G/9B)  [r1 sin(¥) +r> cos(¥)]
BT ord e dt T AT Teosy) (A36)

Differentiating the X term (eq. A20) is trivial given the expressions
in eqs (A33)—-(A36) and after replacing the ray unit vector (t) with
its spherical representation (¢, #) and some algebraic manipulation
yields,

g—j = [cos(2¥) + cos(2¢)] cos*(8) + cos(¥ + ¢) tan(y) sin(26),
(A37)

g—); = [sin(2v) + sin(2¢)] cos>(#) + sin(y + ¢) tan(y ) sin(26),
(A38)

and

% = 4C sin®(0) + 2\/|f7”| cos(Y — ¢)cos(y) sin(20). (A39)

The appearance of the tan (y) term in eqs (A37) and (A38) causes
the partials to become undefined when the symmetry axis is vertical
(y = £90°). We avoid this issue simply by forcing |y| < 85 ° when
evaluating these expressions.

The last ingredient required to compute the traveltime and split-
ting intensity sensitivities (eqs A23—A24) are the partial derivatives
of'the angle 8. A rotation from the reference coordinate system to the
ray-aligned coordinate system (Fig. 1) gives the QTL-components
of the symmetry axis vector as,

ny sin(@) cos(¢) + n, sin(@) sin(¢) — n3 cos(h)
g = —ny sin(@) + 12 cos(¢) (A40)
n1 cos(0) cos(¢p) + n, cos(0) sin(¢p) — nj sin(0).

The angle B is then,

B = arctan [g ] s (A41)
81

and from the chain rule the partial derivatives can be written as,

0 1 9g, 0 dg) 9

B _ R P B (L (A42)

om (g} +g3) [ ony om an, om

where the dn;/dm terms can be determined from the relationships
in Table A1l. Evaluating eq. (A42) for m = A, B and C gives,

% _ —[sin(0) sin(2y) — cos(0) tan(y ) sin(y + §)]

= - , (A43)
04 21| sin?(«)
9B _ [sin(®) cos(2y) — cos(?) tan(y) cos(y + (15)]7 (A44)
0B 2| f7] sin?(a)
and
9B cos(@)cos(y)sin(y — @)
aC —  JIflsin@) (A%

Upon inspection of eqs (A43)—(A45) it’s clear that these expression
become undefined as (1) the angle y approaches 90°, (2) the an-
gle o approaches 0°, and/or (3) /” approaches zero. As previously
mentioned, the first issue is avoided simply by restricting y to the
interval £85° when evaluating the partial derivatives. To resolve
the last two issues we note that the partial derivatives of B are always
multiplied by £(«” — ) in eqs (A23) and (A24). Furthermore, we

€202 1200190 0Z UO J8Sn OLIE)IUNWOD & 8[_UOIZEUIS)UI ‘001|qgnd onuip 1p ojuswiuediq -eAoped Ip 1pnis 116ap ensieaiun Aq 042682.2/685Pebb/16/S601 01 /10p/a[01e-aoueApe;iB/woo dno-oiwspese//:sdiy wWo.ll papeojumod



can assume that 4" < <1 allowing us to approximate the difference
between u’ and u” as,

_2f"u; sin’(@)[1 — 4h cos*(a)]
T+ freosQal[l + /1]

Upon multiplication of eqs (A43)—(A45) with this approximation
for (W — u"), the problematic division by terms involving f” and
sin («) is resolved.

Eqgs (A27)-(A32), (A37)-(A39) and (A43)—(A46) provide the
necessary ingredients to evaluate the partials derivatives in
eqs (A23)—(A24) required for the construction of J (eq. A22).

(u// _ u/)

(A46)

APPENDIX B: EVALUATION OF
ASSUMPTIONS IN DERIVATION OF
SHEAR WAVE OBSERVABLES

To assess when the assumptions of weak splitting and linear po-
larization may fail, we compare anisotropic shear wave observ-
ables measured from waveforms modelled using eq. (1)—(3) to
predictions from eqs (6)—(7). The matrix propagation method (i.e.
eqs 1-3) of Riimpker and Silver (1998) is used to rotate and de-
lay a Ricker wavelet as it propagates vertically through a horizon-
tally layered anisotropic medium. The effects of 3-D heterogeneity
and frequency-dependent sensitivity are neglected in this geometric
treatment of splitting. Each anisotropic layer is defined by a splitting
amplitude, |A7" — Af|, and a fast-polarization azimuth, v/’. The
anisotropic delay time is measured via cross-correlation with the
initial Ricker wavelet on the x _1-component and the splitting inten-
sity is measured by projecting the derivative of the x _1-component
onto the x _2-component of the split waveform (Fig. 1; eq. 29). In
this simple modelling framework and a given vertical distribution
of ', the results depend only on the ratio between the dominant
period, 7, and the vertically integrated splitting amplitude. Thus,
the results presented are normalized by T.

We first consider a homogeneous medium characterized by weak
(|A? — Af| = T/10), intermediate (|At” — A¢'| = T/5), and strong
splitting amplitude (|A?" — A¢| = 7/2.5) with ' = 0°. The mea-
sured and predicted delay times and splitting intensities are shown
in Fig. B1. As expected, the error in the observables grows with
increasing magnitude of splitting intensity. However, provided that
|T/(At" — AY)|Z5, the prediction errors are an order of magnitude
smaller than the measured delay time or splitting intensity (Fig. B2).
We also observe at high splitting amplitudes, the sinusoidal trend in
the delay times becomes more complex though its phase and ampli-
tude remain consistent with the prediction of eq. (6). In comparison,
the sinusoidal trend in the splitting intensity agrees well with eq. (7)
but the amplitude is overpredicted. This is due to the decreasing
overlap between x,- and x,-component waveforms with increasing
splitting intensity.

In a heterogeneous medium, the particle motion and principal po-
larization direction of the shear wave will be continually modified
as it interacts with different anisotropic layers. To explore this effect
we considered two layered anisotropic models each containing 10
intervals. In the first model (Figs B3a and b), the splitting amplitude
of each layer is the same and scaled such that the integrated |A¢”
— Af| is T/5. The fast polarization azimuth varies linearly from
0° at the base to 60° at the surface. In comparison to the homoge-
neous case with comparable splitting amplitude (Figs Blc and d),
the amplitude of the sinusoidal trends in delay time and splitting
intensity are reduced as each layer tends to destructively interfere
and the phase of the trends corresponds to the average v’ within
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the model (30°). The weaker anisotropic signal results in compa-
rable but slightly reduced prediction errors for the stratified model
(Figs B4a,b) compared to the homogeneous case (Figs B2¢ and d).

In the second model (Figs B3c and d), random splitting ampli-
tudes and polarization azimuths are assigned to the layers. The less
coherent anisotropic structure will generally result in more destruc-
tive interference and a weaker integrated splitting effect. Therefore,
we scaled the splitting amplitude of all layers such that the maxi-
mum integrated splitting intensity is 57. In comparison to the ho-
mogeneous case (Figs Blc and d), we see a moderate increase in
the prediction errors but the absolute error remains generally one
order of magnitude less than the measured values (Figs B4c and
d). The increased errors reflect the fact that for an N-layer model
the splitting amplitude of a given interval is generally greater than
5T/N to counteract the destructive interference and result in the de-
sired integrated splitting intensity. Consequently, the polarization of
the S-waveform is more strongly perturbed and deviates from our
assumption of linearity and constant {. Nonetheless, eqs (6)—(7)
appear to be applicable for strongly varying anisotropic structure
along a ray path.

The two previous examples considered a linearly polarized wave
entering an anisotropic model. A particularly relevant case for re-
gional teleseismic tomography is when the incoming wave exhibits
significant deviations from linear polarization due to splitting by
anisotropic structure outside the local imaging volume. To simulate
this situation, we split the initial Ricker wavelet following eq. (1) us-
ing |At" — Af'| = T/5 and a fast-polarization azimuth rotated 22.5°
and 45° from the initial linear polarization direction (henceforth
referred to as waveform-22 and waveform-45, respectively). As a
result of the initial splitting, waveform-22 (Figs B5a and b) exhibits
clear elliptical particle motion with a principal polarization direc-
tion rotated ~16° from the initial linear polarization direction. The
waveform-45 (Figs B5c and d) has nearly circular particle motion
with the principal polarization direction remaining at 0°.

Despite both waveforms not conforming to the assumption of
linear polarization, our approximations still provide an accurate
description of the principal delay and splitting intensity (Figs B6
and B7). However, there is a mean offset between predicted and mea-
sured splitting intensity. In the case of regional teleseismic imaging,
this offset can be accounted for by demeaning the splitting intensity
measurements for each event as is common practice for delay time
measurements. There is one other important caveat; to correctly
predict the phase of the sinusoidal trends shown in the measure-
ments, the correct incoming principal polarization direction must
be known (Figs B5b and d). For a regional teleseismic study, this
can be obtained via a principal component analysis of the wave-
form generated by stacking the S-phases observed across an array
for a given event—the approach used in our synthetic tomography
(Section 5.1).

In summary, we have investigated the accuracy of eqs (6)—(7) in
response to increasing splitting strength of homogenous and lay-
ered medium and to elliptical particle motion. These tests confirm
that provided the integrated splitting intensity remains less than
~5T, the error in our expressions is generally an order of mag-
nitude smaller than the measured anisotropic observable. Further-
more, provided the principal polarization direction of the incoming
wave is known, the splitting intensity and delay time of waveforms
exhibiting strongly elliptical particle motions can be reliably esti-
mated. These tests did not consider the effects of more complicated
wave phenomenon such as scattering and mode conversions from
3-D heterogeneity. The potential error from such processes is dis-
cussed in Section 5.2 where we compare measured principal shear
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Figure B1. Predicted (black crosses) and measured (red points) principal anisotropic delay (top row) and splitting intensity (bottom row) as a function of the
incoming S-wave polarization azimuth, ¢, for a homogeneous medium. Results are shown for three models characterized by (a, b) weak, (c, d) intermediate
and (e, f) strong anisotropy with a fast-polarization direction corresponding to { = 0. The strength of anisotropy is defined by the delay time between the fast-
and slow-polarized quasi-shear phases (|A7” — A7'|) relative to the dominant waveform period (7). Note that plotted delay times and and splitting intensities

are normalized by 7.

wave observables from SPECFEM simulated waveforms to those
predicted by our approximations.

APPENDIX C: MINIMIZATION OF
ANISOTROPIC MAGNITUDE

Here we describe the construction the (P x M) matrix Dyin eq. (25)
that minimizes the perturbation to the anisotropic magnitude. For
the perturbational model vector Am = [Au; AA; AB; AC] where
each parameter set is defined on a grid of P-nodes discretized in
space for a total of M = 4P unknowns, the anisotropic magnitude
perturbation at the pth node location is,

Af) = JAm2 p + Am? p + Am? . (C1)

Taking the total derivative of Af)’ gives the coefficients of the pth-
row of the matrix Dy,

Am P
dyppip = = s — = cos2AY), (C2)
\/ Amy o+ Am, op
Am, .
dp,p+2P = - p+2P = = sm(ZAwp), (C3)
Am1,7+P + Amp-f—ZP
and
dp,p+3r> = 2Am}7+3P; (C4)

all other elements are zero-valued. At each iteration Dy is computed
for the current value of Am.
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Figure B2. Absolute errors between the predicted and measured (top row) delay times and (bottom row) splitting intensities shown in Fig. B1. Errors are
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plotted as a function of the predicted splitting intensity magnitude (eq. 7).
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Figure B3. Predicted (black crosses) and measured (red points) principal anisotropic delay (top row) and splitting intensity (bottom row) as a function of the
incoming S-wave polarization azimuth, ¢, for a stratified medium composed of 10 layers. In (a, b) results are shown for a model with a linear gradient in the
fast-polarization azimuth varying from ¢ = 0 ° at the base to ¢ = 60 ° at the surface. The anisotropic strength is the same for each layer and defined such that
the integrated delay between the fast- and slow-polarized quasi-shear phases, |A7” — A7, is T/5, where T is the waveform period. The model corresponding
to panels (c, d) contains layers with a randomly assigned fast-polarization direction and anisotropic strength. In contrast to the linear gradient model, the
anisotropic strength of all layers is scaled such that the maximum integrated splitting intensity is 7/10. Note that delay times and and splitting intensities are
normalized by T.
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Figure B4. Absolute errors between the predicted and measured (top row) delay times and (bottom row) splitting intensities shown in Fig. A3. Errors are
plotted as a function of the predicted splitting intensity magnitude (eq. 7).
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Figure B5. Waveforms exhibiting an (a) intermediate and (b) high degree of ellipticity. Black curve corresponds to the initial linearly polarized Ricker wavelet;
red curve shows the split waveform observed in the principal polarization direction and the blue waveform is the displacement in the orthogonal direction.
Note the time axis is normalized by the waveform period, 7. Particle motion diagrams for the waveforms in (a) and (b) are shown in (c) and (d), respectively. In
(c,d), the dashed black line depicts the linear polarization direction of the initial Ricker wavelet while the red line depicts the principal polarization direction
of the split waveform determined via eigendecomposition of the trace covariance matrix.
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Figure B6. Predicted (black crosses) and measured (red points) principal anisotropic delay (top row) and splitting intensity (bottom row) as a function of
the incoming S-wave principal polarization azimuth, ¢, for the elliptically polarized waveforms shown in Fig. AS. The anisotropic model is the same as that
described in Figs Bl(c) and (d). Note that delay times and and splitting intensities are normalized by the waveform period, 7.
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Figure B7. Absolute errors between the predicted and measured (top row) delay times and (bottom row) splitting intensities shown in Fig. B6. Errors in
splitting intensity are computed after removing the mean offset between the measured and predicted curves (Figs B6c and d). Errors are plotted as a function
of the predicted splitting intensity (eq. 7).
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